High-resolution vertically pointing S-band Doppler radar data obtained within orographic rain by the University of Washington Orographic Precipitation Radar (OPRA) at Locarno-Monti, Switzerland during the Mesoscale Alpine Programme (MAP) Intensive Observing Periods (IOPs) 2b and 8 are examined to characterize the ne-scale precipitation structure. The relative roles of collection of cloud water by raindrops versus collection of cloud water by ice particles (riming) in the same column are assessed with a one-dimensional (1D) Kessler water-continuity model using the observed data characteristics as input.
INTRODUCTION
Heavy rain of the type that causes ooding in the Alps is produced both quickly and ef ciently over the lower slopes of the Alpine barrier. Cloud water condensed over the terrain is swept out rapidly by precipitation particles. Terminology from watercontinuity models describes the modes of rapid precipitation growth by the accretion of liquid cloud water below the freezing level as collection of cloud water by raindrops, and the collection of cloud water by ice particles above the 0 ± C level as riming (Houze 1993) . By understanding the relative roles of collection and riming better, we expect Figure 1 . The University of Washington Orographic Precipitation Radar, OPRA, on the roof of the Swiss Meteorological Institute Osservatorio Ticinese in Locarno, Switzerland. The antenna has an offset feed and is set so the radar beam is pointing vertically. The radar's electronics, display and processing systems are contained within the small shelter to the left of the antenna.
to be able to improve modelling and prediction of heavy orographic rain events and to quantify their precipitation ef ciency. This paper assesses the relative roles of riming and collection in the same column of precipitating cloud using data from vertically pointing radar obtained during the Mesoscale Alpine Programme (MAP; Houze et al. 1998; Bougeault et al. 2001) . The University of Washington Orographic Precipitation Radar (OPRA) is a vertically pointing 10 cm meteorological pulsed Doppler radar (Table 1) Periods (IOPs). These data were taken on the lower windward slope of the Alps in a region of copious autumn rain and should represent precipitation mechanisms critical to Alpine orographic rainfall. Previous studies have assigned a dominant precipitation growth process to particular time periods of data from vertically pointing radar. Wüest et al. (2000) classi ed the degree of riming over 30-minute periods using Formvar data of ice particles obtained concurrently with data from vertically pointing radar. White et al. (2001) classi ed the precipitation growth mechanism in 30-minute blocks of data from vertically pointing radar using the mean vertical pro le of re ectivity and the presence or absence of a radar bright band. We approach the problem from a different perspective by addressing the relative contributions of riming and collection within the same column via vertical velocity measurements at 1 s time-resolution.
The vertical pro le of the vertical velocity of air (w/ is critical to understanding the relationship between collection and riming. We rst estimate characteristics of the vertical pro le of w using the observed Doppler velocity (V r / data, and re ectivityweighted fall speeds (hV t i, where subscript t is terminal velocity) derived from observed re ectivity (Z/. From a pro le of estimated w with height, we then use Kessler's onedimensional (1D) water-continuity model (Kessler 1969) to assess the relative rates of accretion of cloud water in regions above and below the 0 ± C level.
In this study, we focus on data obtained during 19-20 September 1999 (IOP 2b) and 20-21 October 1999 (IOP 8) . The two cases represent contrasting stability and wind environments at levels below 900 hPa (see Medina and Houze (2003) for a discussion of the synoptic mesoscale settings for these cases, and Rotunno and Ferretti (2003) for mesoscale model simulations). IOP 8 was stable and relatively cool compared to the mean MAP sounding, and had weak winds from the surface to 900 hPa; IOP 2b was potentially unstable, warmer than the mean sounding and had strong winds at low levels. In both cases, above 900 hPa there were strong south-easterly winds toward the Alpine barrier. The layer of ow toward and over the terrain in IOP 2b was deeper and more unstable than in IOP 8. The time series of 5-minute rain rates ¤ reported by the Deutschen Zentrum für Luft and Raumfahrt (DLR) disdrometer at Locarno-Monti are shown in Fig. 2 . During IOP 2b the rainfall was heavier and more variable (mean D 2.9, standard deviation D 5.5, maximum D 49, all mm h ¡1 / compared to the steadier rainfall in IOP 8 (1.4, 1.5, and 8.6 mm h ¡1 , respectively).
DATA
The OPRA data † consist of vertical pro les of radar re ectivity, Doppler radial velocity, and spectral width obtained every second at 150 m vertical resolution to a height of »7 km ‡. Horizontal beam width varies linearly as a function of height, from 75 m at 1 km to 525 m at 7 km. Consecutive 1 s pro les are not independent. For typical advection speeds of 3 to 10 m s ¡1 , the resulting horizontal advection of the precipitation structures is 3 to 10 m for a 1 s pro le. For the analysis in this paper, a threshold value of autocorrelation at rst lag (Bringi and Chandrasekar 2001, Eq. 5.195 ) was applied to remove bad Doppler velocity data. A more rigorous quality control procedure that will address side-lobe echo from the mountains across the Lago Maggiore valley is under development. When present, the side-lobe contamination in the OPRA data usually occurs at »1.5 km altitude. Figure 3 shows 45 minutes of OPRA data obtained during IOP 2b on 20 September 1999. From 0705 to 0725 UTC a region of heavy precipitation is indicated by the strong re ectivity values in rain and snow. The 0 ± C level is at »3.5 km altitude. Fallstreaks are evident both above the 0 ± C level within snow and below within rain. A 300-500 m deep layer of enhanced re ectivities is associated with melting particles in the heavy precipitation. After 0725 UTC the convection weakens, and lighter precipitation falls until the end time of the plot at 0750 UTC (Figs. 3(a) and (c)). During the weaker precipitation portion of the 45-minute example, the layer of enhanced re ectivities associated with the melting of snow is narrower and slightly weaker than during the heavier precipitation periods. The high-resolution OPRA data reveal nearly ubiquitous small-scale fallstreaks in a wide range of intensities of precipitation. Fallstreaks in rain appear to originate in locally intense re ectivity regions within the melting layer and may connect to a fallstreak in snow descending from above.
The high-resolution data obtained by OPRA can be put into the context of the larger-scale precipitation system by examining data collected by two scanning radars utilized during MAP: the Swiss Meteorology Agency C-band radar at Mt. Lema 16 km south-east of OPRA, and the National Center for Atmospheric Research (NCAR) S-Pol radar 52 km south of OPRA (Fig. 4(a) ). Both scanning radars were blocked by topography from scanning near the surface at OPRA's position. Figure 4 (a) shows the mesoscale re ectivity eld at 0718 UTC 20 Sept 1999, during the period of heavy rainfall shown in Fig. 3 . The intense precipitation over OPRA was one of many localized regions of heavy precipitation associated with the interaction of the large-scale south-easterly ¤ Rainfall rates were recorded every minute but are shown as accumulations every 5 minutes to reduce measurement uncertainty associated with the small sample volume of the instrument. To convert to equivalent mm h ¡1 multiply the 5-minute accumulation by 12.
† Urs Germann of SMA compared the OPRA re ectivity data to the continuously calibrated SMA Mt. Lema C-band radar data. He found spatially and temporally coincident samples to be within a few dB of one another. This agreement is as close as can be expected considering the differences in sample volume sizes. ‡ All heights are above ground level unless otherwise indicated. ow and the Alps (Frei and Schär 1998; Houze et al. 2001) . The location of the precipitation relative to the topography is best shown by the north-south cross-section in Fig. 4(b) . Re ectivity and precipitation maxima are associated with upslope regions of the topography. The operational scan strategy for Mt. Lema is optimized to obtain high-resolution time data of the near-surface re ectivity, and repeats every 5 minutes. The S-Pol radar used a research scan strategy to yield high-resolution spatial data, and scanned slower and to higher elevations than the Mt. Lema radar. A detailed analysis of the NCAR S-Pol radar data for IOPs 2b and 8, including dual-polarization data, is presented in Medina and Houze (2003) . 
STRUCTURES AND SCALES OF PRECIPITATION VARIAT ION
It is well known that precipitation varies at small space-and time-scales. Waldvogel (1974) examined the minute-to-minute variation of raindrop size distribution (RDSD, drops >0.3 mm diameter) characteristics derived from disdrometer data in the context of vertically pointing C-band radar. Joss and Gori (1978) showed that the characteristics of the RDSD varied with scale and tended to converge toward an exponential character for longer time periods of several hundred minutes. They hypothesized that precipitation at the scale of a typical scanning radar volume (»1 km 3 / consisted of a mixture of rain rates of different intensities. Jameson and Kostinski (2000) examined drop size distribution time series and discussed the clustering of raindrops which could potentially physically interact over time periods as short as 2-3 s. They hypothesized that typical observed distributions (usually at least 1 minute in duration) represent probability mixtures of many short-duration spectra. Building on this previous work, OPRA provides an opportunity to examine the time-height variation of precipitation at up to 1 s time-resolution. Gossard et al. (1990) describe the ambiguity in interpreting data from vertically pointing radar in terms of several generic structures: time-varying horizontal sheets, time stationary vertical shafts, and tilted shafts translated over the radar by the horizontal wind. Combinations of these structures appear likely in the OPRA data examined, with the melting layer often most similar to a time-varying sheet and fallstreaks most similar to vertical or tilted shafts depending on the vertical wind shear.
(a) Fallstreaks and variations in ne-scale structures
From the time series of surface precipitation in Fig. 2 one can lter out by eye the higher-frequency variations, and observe 'pulses' of heavier precipitation tens of minutes in duration and at least a factor of two greater than the background precipitation rate. These pulses are associated with the movement of locally intense regions within mesoscale precipitation systems as shown in Fig. 4 
(c).
The re ectivity and Doppler velocity structures ¤ associated with some of these precipitation pulses can be observed in detail in Figs A precipitation fallstreak is a manifestation of an inhomogeneity in the microphysical structure of the storm. To be observed, the relative size and number of precipitation particles within the fallstreak need to be suf cient such that their radar re ectivity stands out as a local maximum from the immediate background re ectivities. The temporal and spatial resolution of the observing instrument determine whether a particular spatialscale inhomogeneity in the microphysical structure can be observed. For a discrete precipitation inhomogeneity to be clearly resolved as a fallstreak, the time-resolution of the data should be less than the time it takes the set of precipitation particles to fall through an individual range gate § and the horizontal resolution of an individual range gate has to be smaller than the size of the inhomogeneity.
Fallstreaks can develop as a result of one of several dynamical processes or their combination: buoyant convective overturning of saturated air associated with discernible ¤ Similar to data from other vertically pointing radars, the tilt of features in the OPRA time-height re ectivity plots is a function of both the horizontal advection speed and the fall speed of the precipitation particles. For a given fall speed, the lower the horizontal advection speed of the features over the radar, the larger the slope of the features in the graph.
† The apparent lack of relation between the near-surface re ectivities and the rain rates in the light-rain case in Fig. 7 is likely to be a result of the larger uncertainty in rain rate associated with a smaller total number of raindrops per 5-minute sample . ‡ These structures are more apparent when the re ectivity colour-scale is modi ed to better represent the lower range of re ectivities (not shown). § In the OPRA data, a raindrop falling at 8 m s ¡1 will take 18.75 s to fall through a 150 m range gate. updraughts, shear-driven turbulence, and convective overturning within the melting layer. In a recent combined aircraft and scanning-radar study, Hogan et al. (2002) related shear-driven turbulence in the form of Kelvin-Helmholtz instability near the melting layer to »1 km-scale microphysical variability associated with embedded convection within a warm-frontal mixed-phase cloud. During the unstable IOP 2b storm, buoyant convective overturning is likely to have been the dominant mechanism producing fallstreaks. In IOP 8, strong shear was observed near the 0 ± C level (Steiner et al. 2003) in valley ows. Within the stable conditions of the IOP 8 storm, fallstreaks probably developed primarily as a result of shear-driven turbulence.
In Fig. 5 fallstreaks <5 minutes in duration are discernible except during the heavyrain period (>36 mm h ¡1 / from 2100-2110 UTC. The Doppler velocity measurement of 4 m s ¡1 at 4.5 km altitude at 2102 UTC represents a lower limit on the updraught velocity, and is an indirect indicator of convective overturning associated with a particularly vigorous updraught within the storm. Vigorous overturning would act to diffuse the signature of individual fallstreaks and make them less distinct. The frequency of fallstreaks and their consistency in appearance over a wide range of rain rates indicates that they are an important small-scale precipitation structure in MAP precipitation.
(b) Melting layer A distinct melting layer and associated strong gradient in Doppler velocity appears in Figs. 3(b) and 6(b) in terms of rain rates. Both these gures also include examples of fallstreaks in snow associated both with localized enhancements in re ectivity in the melting layer and with connected fallstreaks in rain. Although not readily apparent from the colour-scale used, the relative decrease in re ectivity from the melting band to peak re ectivities within fallstreaks 1 km below the melting band is similar (»8-10 dB) in both gures. For example, in Fig. 3 the local maxima of 42 and 44 dBZ within the melting layers at 0712 and 0720 UTC are associated with fallstreaks with peak re ectivities 1 km below the melting layers of 34 and 38 dBZ, respectively. Similarly, in Fig. 6 , local maxima in the melting layer of 38 and 40 dBZ at 0958 and 1025 UTC are associated with peak re ectivities 1 km below the melting layer of 30 dBZ.
At the higher rain rates in Fig. 5 and the lower rain rates in Fig. 7 there is some evidence of a melting region (e.g. at 2120-2127 and 0547-0554 UTC, respectively) but a distinct melting layer is absent. In the light-rain case in Fig. 7 this can be easily explained by the minimal-to-absent radar echo at altitudes above the 0 ± C level and hence a lack of ice particles to melt. For the heavy-rain case in Fig. 5 the explanation is not as simple. Figure 5 clearly indicates precipitation particles above the freezing level. Ice nucleation arguments imply that it is unlikely that all the hydrometeors above the 0 ± C level are liquid, so melting of a portion of the hydrometeors must occur. Again, a possible explanation is that vigorous convective overturning would inhibit formation of a narrow well-de ned melting layer. As the frozen portion of hydrometeors fell past the 0 ± C level they would melt over a deeper layer than in Fig. 3 , and the radar 'bright band' enhancements associated with melting particles would be diffused over a greater depth (Yuter and Houze 1995) .
ESTIMATION OF CHARACTERISTICS OF THE VERTICAL VELOCITY PROFILE IN SITUATIONS OF DOMINANT ACCRETIONAL GROWTH
In discriminating situations where growth by accretion is occurring, a subjective rain-rate threshold of 20 mm h ¡1 is often used, based on the physical argument that vapour deposition processes by themselves cannot produce such high rain rates (Austin and Houze 1972; Churchill and Houze 1984) . In the current study we do not need such a rigid condition. For the purpose of discriminating where dominant growth by accretion is likely to be (as opposed to de nitely) occurring, we use as a guideline a rain rate of »10 mm h ¡1 , based on the nding of Steiner et al. (1995, their Fig. 9 ) of »10 mm h ¡1 as the highest-frequency rain rate within convective precipitation observed at Darwin, Australia ¤ . Following this general guideline, we focus our analysis in the next sections on portions of the IOP 2b storm with surface rain rates >»10 mm h ¡1 .
(a) Derivation of vertical air velocity in rain The observed mean Doppler velocity represents the sum of the average air velocity and the mean re ectivity-weighted fall speed of the raindrops in the resolution volume (V r D w C hV t i). If one knew the size distribution of the raindrops within the radarresolution volume, one could apply an empirical diameter/fall-speed relation (e.g. Gunn and Kinzer 1949; Berry and Pranger 1974 ) using a suitable temperature and pressure to derive the distribution of fall speeds for the RDSD. From that information one could compute the mean re ectivity-weighted fall speed for the RDSD within the radarresolution volume.
A basic practical problem with deriving w from V r data is that the RDSD in the radar-resolution volume is not directly measured. Methods are available to estimate some characteristics of the RDSD from a recording of the full Doppler spectra (e.g. Gossard et al. 1990; Gossard 1998 ). However, OPRA was able to measure only the mean Doppler velocity values, as larger integration times are required to record a reliable full Doppler spectrum for each range gate.
The RDSD can be represented as a gamma distribution following Ulbrich (1983) and Chandrasekar and Bringi (1987) by
where D is drop diameter, 3 is the slope of the distribution 3 D 6:12.W =Z/ 1=3 ; W is liquid-water content in units of mm 3 m ¡3 , and Z is radar re ectivity with units of mm 6 m ¡3 (Waldvogel 1974) . For desired values of rain rate, N 0 , and m, (1) can be iterated to determine the associated value of 3. Speci c forms of the distribution range from nearly monodisperse (m D 16) to exponential (m D 0). The sensitivity of estimates of hV t i to assumptions regarding the values of N 0 and m in (1) is shown in Fig. 8 assuming a temperature of 10 ± C and pressure of 925 hPa (calculation provided by Jürg Joss, personal communication). The worst-case uncertainty † of »1.5 m s ¡1 associated with the RDSD assumptions is comparable to the uncertainty of aircraft in situ measurements of w. Sets of Z and hV t i values were calculated for different sets of assumptions regarding rain rate, m, and N 0 , and variations in temperature and pressure. These data were then tted to an equation of the form:
¤ The rain rates in the Steiner et al. (1995) study were derived from 2 km £ 2 km horizontal-resolution radar re ectivity data. The differences in spatial resolution and precipitation climatology between the Steiner et al. study and the current study mean that the rain-rate values are unlikely to be directly comparable and hence are used as a general guideline. † In applying the technique, errors associated with radar measurements of V r and the calibration of Z will contribute additional uncertainty. Calibration errors would yield a systematic bias. where Z is in units of dBZ, in order to analytically determine the coef cients b and k as a function of m, N 0 , temperature and pressure. Turbulence is assumed to be symmetric such that over the radar-resolution volume its mean is zero. This method of estimating hV t i (Jürg Joss, personal communication) was applied to several samples of OPRA data. The lapse rate was assumed to be 6 K km ¡1 and the pressure decreased by a factor of exp(z=10) where z is height in km. The calculations were made assuming the RDSD was exponential (i.e. m D 0), which is consistent with RDSD observations at larger sample sizes approaching the scale of a radar volume (e.g. Joss and Gori 1978) and assigning N 0 D 8000 (Marshall and Palmer 1948) . For these parameters the coef cients b and k are de ned as follows, where temperature (T / is in Kelvin, and pressure (P / in hPa: (5) Figure 9 shows the method applied to OPRA data obtained from 0716 to 0721 UTC 20 Sept 1999. The observed Z eld (Fig. 9(a) ) was used to derive hV t i (Fig. 9(c)) ; that, in turn, was combined with the observed V r (Fig. 9(b) ) to obtain w ( Fig. 9(d) ). Vertical velocity was estimated at each range gate in each radar data pro le independently (i.e. no mass continuity constraint was applied).
A statistical representation of the derived w results is shown in Fig. 10 (a) in terms of a contoured frequency by altitude diagram (CFAD; Yuter and Houze 1995) , a joint frequency distribution of w with height. An abrupt shift in the modal values of w occurs at 2.75 km altitude near the bottom of the melting layer indicated by the dashed lines in Figs. 10(a) and (b) . The method of estimating hV t i is valid for the rain region below the melting layer. The CFAD shows that the strongest mode of the frequency distribution of w is near 0 m s ¡1 at all heights within rain (<2.7 km altitude). This result is consistent with the frequency distribution of w based on studies of dual-Doppler data (e.g. Yuter and Houze 1995; Braun et al. 1997) and indicates that the bias in the method is small. Updraughts <3 m s ¡1 predominate at low levels. The outliers of the distribution varied between approximately C5 m s ¡1 for updraughts and ¡6 m s ¡1 for downdraughts. Time-height plots of the estimated vertical velocity (Fig. 9(d) ) indicate coherent updraught and downdraught structures. The results of these simple tests are promising in that this method of deriving hV t i produced physically realistic results.
An alternate version of the fall speed and derived w elds were also obtained from the OPRA data using the Atlas et al. (1973) mapping of re ectivity to fall speed of V t D 2:6Z 0:107 . These w values yielded a distribution with a physically inconsistent negative bias (Fig. 10(b) ).
(b) Derivation of vertical air velocity in snow Ice crystals of different habits have different mass-to-size relationships, and hence different fall speed relations for the same diameter, temperature and pressure. Locatelli and Hobbs (1974) measured the fall velocities of a variety of snow particles of different crystal habits. Hanesch (1999) obtained relations between snow particles and fall speed for several degrees of riming using 2D-video disdrometer data obtained during the Swiss Alpine Melting Layer Measurements campaign in winter 1996-97. Both analyses found that most naturally occurring snow particles had fall speeds in still air from near 0 to 2 m s ¡1 and small graupel (5 mm diameter) had fall speeds of »3 m s ¡1 . In order to estimate the fall speed of ice from re ectivity, a crystal habit and associated fall speed relation with size would need to be assumed. As a rst step, a simple method that does not require information about the particle size distribution is used to estimate a lower bound for the vertical air motions in snow. The observed Doppler velocity data in snow are split into two groups. For V r > 0 m s ¡1 , the observed Doppler velocity represents a robust underestimate of positive vertical air velocity. For V r 6 0 m s ¡1 , the physical interpretation is ambiguous. One can examine the statistics of the underestimated positive vertical air velocities and interpret these velocities as characteristics of the vertical pro le of w. For example, the maximum observed V r of 2.2 m s ¡1 at 3.46 km altitude in Fig. 11 can be interpreted as a lower limit for maximum updraught velocities at this altitude for this sample. The use of measured V r within snow and ice regions to estimate w can lead to an underestimate of w in these regions of up to the maximum fall speed of ice particles of »3 m s ¡1 . Examination of estimated w below the 0 ± C level based on derived hV t i in rain regions, and estimated lower bounds of maximum w above the 0 ± C level based on measurements of V r in snow, yielded values of between 2 and 5 m s ¡1 for likely peak vertical velocities within typical ¤ updraughts associated with precipitation at LocarnoMonti during IOP 2b. These velocities are assumed to occur as the local maximum within parabolic pro les of vertical velocity, which are in turn used as input to a 1D microphysical parametrization described below.
¤ The range 2-5 m s ¡1 is intended to encompass those updraughts associated with a major portion of the precipitation accumulation in the IOP 2b storm. 
RELATIVE ROLES OF DIFFERENT PROCESSES IN PRECIPITATION GROWTH
Precipitation growth by accretion occurs within updraughts. By simulating smallscale updraughts, typical of those embedded in the baroclinic rainstorms observed in MAP, with a 1D parcel model, we can determine the altitudes where condensate is available and the preferred layers for different particle growth processes. Since the small-scale updraughts occur within a broad layer of generally stratiform cloud and precipitation, growth occurs both on precipitation particles produced within the updraught and on pre-existing precipitation particles entrained into the updraught. The simple 1D parcel model below calculates only the former, but its results also indicate growth processes available to pre-existing particles.
(a) Adaptation of the Kessler 1D model An estimation of the relative roles of several precipitation processes in the growth of precipitation was made using a simple 1D column-model calculation (Fig. 12) for a precipitating cold cloud following Kessler (1969) , Ogura and Takahashi (1971), Ferrier (1988) , and Houze (1993, section 3.6) . The following equations describe water continuity in terms of the rate of change of the mixing ratios of water vapour (q v /, cloud water (q c /, rain (q r /, and ice (q i / in the 1D model:
Dq r Dt
where C c is condensation of cloud water, A c is autoconversion (the rate at which cloud water content decreases due to growth of precipitation by collision and coalescence of cloud drops), K c is the collection of cloud water by raindrops, K ci is the collection of cloud water by graupel above the 0 ± C level (i.e. riming), G l is the glaciation of rain into ice, F r is the fallout of raindrops from the air parcel, and F i is the fallout of ice particles. The parcel is assumed to be saturated with respect to liquid water at all temperatures (i.e. entrainment and evaporation are ignored). Integration starts at cloud base (z D 1 km) where q c D q v D q i D 0 and q v D q vs the saturation mixing ratio. The calculation was performed using an altitude increment of 8 m for altitudes from 1000 to 7000 m. The lapse rate was set to 6 K km ¡1 and the temperature at 1000 hPa was set to 291 K based on Milan soundings for 20 September 1999. The fall speed of rain was set to 6 m s ¡1 and the fall speed for ice was set to a value for graupel of 3 m s ¡1 . Once the parcel is above the freezing level glaciation is assumed to be rapid, such that by »1 km above the freezing level all the pre-existing rain has glaciated. Rapid glaciation is consistent with data obtained in several eld studies (e.g. Yuter and Houze 1995; Zeng et al. 2001) . The calculation is particularly sensitive to the assumptions regarding the glaciation rate and the fall speed relation of ice particles. See the appendix for further details on the model calculation.
(b) Model results
The 1D parcel model permits evaluation of changes in water vapour, cloud-water, rain and ice mixing ratios with height, and their associated precipitation processes, at a snapshot of time near the peak strength of an updraught whose characteristics are derived from MAP observations. Several runs of the 1D calculations were made using xed parabolic pro les of vertical air velocity from 1 to 7 km altitude and from 1 to 5 km altitude, assuming a 0 ± C level at 3 km altitude. Figures 13 and 14 show the calculations for maximum w of 2 m s ¡1 for a velocity pro le extending to 7 km altitude, and for maximum w of 5 m s ¡1 within a velocity pro le extending to 5 km altitude. The resulting pro le of mixing ratio and process rate for the different updraught strengths are generally similar in shape, with the pro le corresponding to the 5 m s ¡1 peak updraught having larger magnitude mixing ratios and rates as expected. Other calculations performed (not shown) using a maximum w of 2 m s ¡1 (5 m s ¡1 ) and a maximum altitude of 5 km (7 km) showed qualitatively similar results.
The simplicity of the calculation limits our ability to make quantitative interpretations, but some qualitative interpretations can be made. At weak-to-moderate vertical velocities observed in IOP 2b precipitation, the layer 2 km thick above the freezing level contains local maxima in q i and K ci , indicating that this region is a favourable growth environment for graupel. Medina and Houze (2003) found graupel at these altitudes in dual polarization radar data obtained by NCAR S-Pol radar in several MAP storms, including IOP 2b. A comparison of the relative rates of K c below the freezing level and K ci above the freezing level indicates that collection of cloud water by rain and by ice are both important to the growth of precipitation and that neither can be ignored. Precipitation ef ciency is often de ned as the ratio of observed rainfall at the surface to computed condensed water, where the latter is deduced using upper-air soundings in in ow air and an estimate of lifting (Smith 1979 ). An estimate of a quantity related to precipitation ef ciency can be made by comparing the column-integrated values of q r and q c , e.g. the area under the curves of q r versus q c in Figs. 13(b) and 14(b). For simplicity, we examine only the region below the freezing level within cloud (1-3 km altitude) to obtain an estimate of column-integrated rainfall obtained from condensed cloud water. The ratio of areas under the q r versus q c curves are shown in Table 2 . The source terms (autoconversion and collection) in (8) can be described generically as liquid drop coalescence. Liquid drop coalescence describes processes occurring both within 'warm clouds,' i.e. clouds that are warmer than 0 ± C throughout and incapable of supporting ice-crystal precipitation mechanisms, and within 'cold clouds' extending above the 0 ± C level ¤ . If the assumptions in the 1D model are valid, this calculation implies that liquid drop coalescence in updraughts peaking at 5 m s ¡1 can extract up to »40% of the condensed cloud water as rain. As previously hypothesized by Browning et al. (1975) , in order to obtain higher precipitation ef ciencies, a combination of both liquid drop coalescence and ice-phase processes is needed.
The pro les in Figs. 13 and 14 show the growth of particles formed and grown entirely within the postulated updraught. An important question is: what is the horizontal distance traversed by hydrometeors growing in and falling out of the updraught cell? For illustration purposes the following calculations assume a horizontal wind speed of 10 m s ¡1 .
An updraught parcel with a w pro le corresponding to Fig. 13(a) rising from cell base to cell top would take 40.8 minutes to ascend, which corresponds to a horizontal downwind distance of 24.5 km. For a w pro le corresponding to Fig. 14(a) , the time to ascend is 12.9 minutes and the horizontal advection is 7.7 km. Thus the particlegrowth processes occurring in the cell all take place in a distance less than the »50-80 km horizontal-scale of the windward side of the Alps near Locarno. A particle (either pre-existing or newly formed in the cell) having grown to precipitation size in the cell would fall from a height of »3.7 km (the height of maximum riming growth) to the surface in about 10 minutes (assuming a fall speed of 6 m s ¡1 /, which corresponds to ¤ Cold clouds predominated during IOP 2b. Our 1D model re ects this observation by including an ice layer. Use of the term 'warm rain' to describe liquid drop coalescence within cold clouds is a misnomer.
»6 km downwind distance. This distance is also well within the horizontal-scale of the windward slopes of the southern Alps.
CONCLUSIONS
The University of Washington OPRA obtained vertically pointing S-band Dopplerradar data at high temporal resolution (1 s) and high spatial resolution ¤ (»3 £ 10 ¡3 km 3 sample volume near the altitude of the melting layer) at Locarno-Monti during MAP. Analysis of OPRA data obtained during MAP IOPs 2b and 8 indicates that fallstreaks are nearly ubiquitous in a wide range of precipitation intensities. Several dynamical mechanisms can yield small-scale inhomogeneities in the microphysical structure of a storm associated with fallstreaks. In unstable environments, such as IOP 2b, convective overturning was probably the dominant mechanism. In more stable environments, such as IOP 8, shear-driven turbulence as observed near the 0 ± C level (Steiner et al. 2003) probably played a role in fallstreak formation. Higher-rain-rate pulses >10-minutes duration, associated with convective cells evident in coarser-resolution scanning radar data, manifested as an increased frequency and intensity of fallstreaks each <5-minutes duration in the OPRA data. A subset of the fallstreaks had suf cient magnitude in re ectivity to indicate a clear connection across the melting layer from the snow to the rain region. Terminal velocities of up to »8 m s ¡1 were estimated within fallstreaks in the rain region (Fig. 9(c)) .
A distinct melting layer, and hence unambiguous evidence of precipitation-sized ice, was present in most of the samples of OPRA data obtained during IOPs 2b and 8 with surface rainfall &1 and .36 mm h ¡1 . The width and intensity of the re ectivities within the melting layers varied with surface rain rate. However, the relative decrease in Z between the local melting-layer maxima and the peak Z in rain 1 km below remained remarkably consistent at »8-10 dB for a wide range of surface precipitation rates (e.g. Figs. 3 and 6 ). For high rain rates &36 mm h ¡1 , neither discernible fallstreaks nor a distinct narrow melting layer were evident (e.g. Fig. 5 ). Both structures may have been diffused in the presence of strong convective overturning within the heavy rain.
An estimation of characteristics of the vertical air velocity pro le within precipitating cloud was made both in rain and in snow regions using the observed radar parameters. In rain regions re ectivity-weighted fall speed, derived from the observed re ectivity with assumptions about the RDSD and an empirical fall speed to diameter relation, was subtracted from the observed Doppler velocity to yield an estimated w. In snow regions a lower bound on maximum updraught w was estimated from the observed maximum Doppler velocity. Using these methods on data from IOP 2b, typical peak vertical velocities within an updraught were estimated to be 2 to 5 m s ¡1 .
Plausible parabolic vertical velocity pro les with maximum velocities between 2 and 5 m s ¡1 were input into a simple calculation based on Kessler's 1D water-continuity model (section 5(b), Figs. 13 and 14) . These calculations yielded local maxima in q i and K ci within 2 km of the freezing level. These conditions constitute a favourable environment for graupel formation, and their altitude corresponds to the layer where graupel was observed in NCAR S-Pol dual polarization radar data during IOP 2b (Medina and Houze 2003) .
Studies in the 1950s, 60s and 70s indicated that in conditions of deep moist ow over a mountain range the total column (ice C liquid drop coalescence) precipitation ¤ The OPRA-resolution volume in units of km 3 corresponding to a particular range gate can be estimated as the volume of a cylinder where h is the height a.g.l. in km with Volume D 0:150
.h sin.4:3 ± // 2 . ef ciencies within deep orographic rain are »70% or more (see review by Smith 1979) . Browning et al. (1975) suggested that a combination of both liquid-water coalescence and ice-phase processes are needed to obtain high precipitation ef ciencies in orographic precipitation. Our 1D model results further indicate the importance of processes both below and above the freezing level in the ef cient production of precipitation over windward slopes. We nd that the rates of collection and riming are comparable, and make signi cant contributions to the growth of precipitation by accretion within the small-scale embedded updraughts (Figs. 13 and 14 ). An estimate of a quantity related to precipitation ef ciency based on the 1D model calculation indicates that liquid-water coalescence (autoconversion and collection) processes associated with updraughts with a peak w of 5 m s ¡1 can yield column-integrated rain water constituting 640% of column-integrated cloud water ¤ . These results suggest that within typical small-scale embedded updraughts associated with MAP storms, liquid-water coalescence alone will be insuf cient to yield the high precipitation ef ciencies often observed in orographic precipitation. The value of b for a speci c level i is calculated iteratively from the temperature and pressure, and is used to account for the varying density of air with height. Other coef cient values are given in Table A.1.
(A.7)
